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Abstract–Remotely sensed observations from recent missions (e.g., GRAIL, Kaguya,
Chandrayaan-1) have been interpreted as indicating that the deep crust and upper mantle are
close to or at the lunar surface in many large impact basins (e.g., Crisium, Apollo,
Moscoviense). If this is correct, the capability of either impact or volcanic processes to
transport mantle lithologies to the lunar surface should be enhanced in these regions.
Somewhat problematic to these observations and interpretations is that examples of mantle
lithologies in the lunar sample collection (Apollo Program, Luna Program, lunar meteorites)
are at best ambiguous. Dunite xenoliths in high-Ti mare basalt 74275 are one of these
ambiguous examples. In this high-Ti mare basalt, olivine occurs in three generations: olivine
associated with dunite xenoliths, olivine megacrysts, and olivine microphenocrysts. The dunite
xenoliths are anhedral in shape and are generally greater than 800 lm in diameter. The
interior of the xenoliths are fairly homogeneous with regard to many divalent cations. For
example, the Mg# (Mg/Mg + Fe 9 100) ranges from 82 to 83 in their interiors and decreases
from 82 to 68 over the 10–30 lm wide outer rim. Titanium and phosphorus X-ray maps of the
xenolith illustrate that these slow diffusing elements preserve primary cumulate zoning
textures. These textures indicate that the xenoliths consist of many individual olivine grains
approximately 150–200 lm in diameter with low Ti, Al, and P cores. These highly
incompatible elements are enriched in the outer Fe-rich rims of the xenoliths and slightly
enriched in the rims of the individual olivine grains. Highly compatible elements in olivine
such as Ni exhibit a decrease in the rim surrounding the xenolith, an increase in the
incompatible element depleted cores of the individual olivine grains, and a slight decrease in
the “interior rims” of the individual olivine grains. Inferred melt composition, liquid lines of
descent, and zoning profiles enable the reconstruction of the petrogenesis of the dunite
xenoliths. Preservation of primary magmatic zoning (Ti, P, Al) and lack of textures similar to
high-pressure mineral assemblages exhibited by the Mg-suite (Shearer et al. 2015) indicate that
these xenoliths do not represent deep crustal or shallow mantle lithologies. Further, they are
chemically and mineralogically distinct from Mg-suite dunites identified from the Apollo 17
site. More likely, they represent olivine cumulates that crystallized from a low-Ti mare basalt
at intermediate to shallow crustal levels. The parent basalt to the dunite xenolith lithology was
more primitive than low-Ti basalts thus far returned from the Moon. Furthermore, this
parental magma and its more evolved daughter magmas are not represented in the basalt
sample suite returned from the Taurus-Littrow Valley by the Apollo 17 mission. The dunite
xenolith records several episodes of crystallization and re-equilibration. During the last
episode of re-equilibration, the dunite cumulate was sampled by the 74275 high-Ti basalt and
transported over a period of 30–70 days to the lunar surface.
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INTRODUCTION
After decades of searching, samples of the Moon’s
mantle have not been unambiguously identified in lunar
materials returned by the Apollo or Luna programs, or
in lunar meteorites. The lack of mantle materials in
these collections has been partially attributed to
dramatic differences in the nature of tectonic and
volcanic activity on Earth compared to the Moon (e.g.,
Basaltic Volcanism Study Project 1981; Papike et al.
1998). Unlike the Moon, the Earth has plate tectonic
processes which transport mantle materials (e.g., alpine
peridotites, ophiolites, abyssal peridotites) to the
planet’s surface (e.g., Quick 1981; Moores 1982).
Terrestrial magmatism provides another mechanism to
transport xenoliths of numerous mantle mineral
assemblages to the Earth’s surface (e.g., Basaltic
Volcanism Study Project 1981). Differences in basalt
composition (volatile content and composition,
viscosity, density), styles of magma transport and
eruptive processes, and gravity (e.g., Day and Taylor
2007) between the Earth and Moon may be responsible
for the apparent absence of xenoliths in lunar basalts.
In addition to distinctly different tectonic and volcanic
processes on the Earth and Moon, the apparent lack of
mantle-derived lunar samples could also be attributed to
a thick and ancient crust, or unrepresentative sampling
of the lunar surface by humans and meteorites.
While terrestrial-style geologic processes on the
Moon may not be available to bring mantle material to
the surface, there are geologic regions of the lunar
surface that may provide access to samples from the
mantle. Due to large basin-forming events, the lunar
mantle may have been mechanically transported to the
surface or the lunar crust had been thinned to such a
great extent that mare magmatism associated with these
basins may have been able to transport mantle xenoliths
to the surface. Using both gravity and topography data
to develop crustal thickness models, Wieczorek and
Phillips (1998) predicted the lunar mantle may be
exposed in several basins (e.g., Crisium, Apollo).
Interpretation of more recently collected gravity data
from the NASA GRAIL (Gravity Recovery and
Interior Laboratory) mission suggests that the thickness
of the lunar crust varies from a high of approximately
60 km in the farside highlands to a low of less than
1 km within numerous impact basins (Wieczorek et al.
2013; Miljkovic et al. 2015). X-ray fluorescence data
obtained from lunar orbit by the Apollo program over
craters that penetrated the Crisium basin have been
interpreted to indicate the excavation of Mg-rich basalt
flows, underlying mantle, or an impact melt sheet with a
mantle component (Andre et al. 1978; Wieczorek and
Phillips 1998; Wieczorek et al. 2006; Miljkovic et al.

2015). The Kaguya and Chandrayaan-1 missions
identified olivine, exposed and clustered at the surface
near Crisium on the nearside and Moscoviense on the
farside, as well as a few smaller basins within the South
Pole–Aitken basin on the farside. One interpretation of
these observations is that in some of the basins, mantle
material may be exposed at the surface (Yamamoto
et al. 2010; Miljkovic et al. 2015). Melosh et al. (2014)
argued that the upper lunar mantle is dominated by
orthopyroxene (+olivine) and that large impact basins
such as the South Pole–Aitken basin excavated a large
mass
of
mantle-derived
orthopyroxene-bearing
lithologies over the lunar highlands. A similar upper
mantle mineralogy consisting of olivine-bearing
pyroxenites was proposed by Kuskov et al. (2015) based
on seismic models. With remotely sensed observations
indicating the likelihood for deep crust and mantle
mineral assemblages being proximal to or exposed at
the lunar surface, it is timely to re-examine materials
collected during sample return missions and within the
lunar meteorite collection to explore the potential for
the transport (impact or volcanic) of the lunar mantle
to the surface of the Moon.
Only a few returned lunar samples are suspected to
originate from either the deep crust or upper
mantle. Spinel troctolites are inferred to have
crystallized at depths of 15–25 km, whereas chromite–
augite–orthopyroxene symplectites in troctolites and
dunites indicate crystallization conditions equivalent to
45–50 km (e.g., Marvin et al. 1989; McCallum and
Schwartz 2001; Shearer et al. 2015). These estimated
depths approach the base of the crust as implied by the
interpretation of GRAIL data and provide fundamental
evidence for the potential for mantle rocks to be
transported to the lunar surface. There are several
examples from other petrologic studies that identified
monomineralic Mg-rich olivine or unusual pyroxenes,
the origins of which remain enigmatic. Ryder and
Marvin (1978), Basu et al. (1978), and Blanchard et al.
(1978) dissected Luna 24 samples collected at Mare
Crisium and identified mineralogical components that
could represent the high Mg component referred to by
Andre et al. (1978), Wieczorek and Phillips (1998), and
Wieczorek et al. (2006, 2013). Spudis et al. (1991) and
Ryder et al. (1997) identified individual olivine grains in
impact-generated poikilitic melt breccias (Apollo 15 and
17 missions) that they speculated could be either from
Mg-suite lithologies or a component of the lunar
mantle. Beaty and Albee (1980) reported a pyroxenite
xenolith in the Apollo 11 high-Ti basalts and suggested
that the pyroxene composition reflected a very
high-pressure mineral assemblage of possible mantle
origin. Dunite clasts occur in breccias collected from the
Apollo 17 landing site. These dunite clasts (72415,
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72416, 72417, 72418) range in mass from 3.55 to
32.34 g. It was initially speculated that these dunites
represented a lithology from the lunar mantle (Bell and
Mao 1975), but these lithologies are now considered to
be Mg-suite lithologies, formed through olivine
accumulation in either near-surface (Ryder 1992) or
deep crustal (Shearer et al. 2015) environments. Ryder’s
(1992) consideration for a hypabyssal origin for this
dunite lithology was based on the Ca content of the
olivine which had been linked to depth of origin
(Simkin and Smith 1970), although more recent studies
illustrate the complexity of this interpretation (e.g.,
Kohler and Brey 1990). In the 74275 high-Ti mare
basalt, dunite xenoliths have been identified (Walker
et al. 1973; Meyer and Wilshire 1974; Delano and
Lindsley 1982). The 74275 basalt was collected adjacent
to gas-driven, pyroclastic deposits represented by the
Apollo 17 orange volcanic glass. The origin of these
dunitic xenoliths is particularly fascinating in light of
continued speculation that peridotitic xenoliths from
mantle or midcrustal magma chambers may be
associated with basaltic magmas erupted in a variety of
geologic settings unsampled by Apollo such as
maar-style volcanoes, rims of small craters, and massifs
on the rims of large craters (e.g., McGetchin and
Ullrich 1973; Powell et al. 2012; Corley et al. 2014). As
part of an extensive study to reassess previous
identification of xenoliths (Walker et al. 1973, 1975a,
1975b, 1976; Meyer and Wilshire 1974; Beaty and Albee
1980; Delano and Lindsley 1982) and explore the
potential for mantle components on the lunar surface,
we examined the dunite xenoliths in high-Ti basalt
74275 in much more detail than previous studies. These
fragments potentially represent a mineral assemblage
from one of the following sources (1) the lunar mantle,
(2) shallow- to midcrustal level cumulates from mare
magmas, or (3) deep crustal level cumulates representing
the Mg-suite magmas, or cognate cumulates.
DESCRIPTION AND PETROGENESIS OF HOST
MAGMAS FOR THE DUNITE XENOLITHS
Apollo 17 High-Ti Basalts
The Apollo 17 high-Ti basalts are all low-K and
have similarities to the high-Ti, low-K basalts from the
Apollo 11 site (Neal and Taylor 1992). Early on, the
Apollo 17 high-Ti basalts were distinguished from one
another based on petrographic differences (Duncan
et al. 1974; Papike et al. 1974; Brown et al. 1975;
Warner et al. 1975; Walker et al. 1976). These three
studies classified the basalts as: Type 1A basalt, rich in
olivine megacrysts within a quenched textured
groundmass; Type 1B basalt, which is olivine-poor with
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poikilitic plagioclase in a coarse-grained matrix; and
Type II olivine-free, low-Mg basalt, which is similar to
the Apollo 11 low-K basalts.
These basalts have been classified into five basalt
types based on geochemistry. Rhodes et al. (1976)
differentiated the Apollo high-Ti basalts into groups A,
B, and C. Although Types A and B have similar major
element characteristics, Type A basalts contain 50–60%
higher incompatible trace element abundances than
Type B. Neal et al. (1990) demonstrated that the Type
B basalts could be subdivided into B1 and B2 based on
rare earth element (REE) data. Type C has similar
incompatible trace element abundances as Type A, but
it has higher MgO and Cr2O3. The high MgO is
reflected in the higher Fo content of the olivine. Ryder
(1988, 1990) identified an Apollo 17 high-Ti basalt that
had lower REE and a deeper Eu anomaly than the B
types, but is more MgO- and Cr2O3-rich and Ca- and
TiO2-poor than other Apollo 17 basalts. He referred to
this basalt as Type D, although Neal and Taylor (1992,
1993) disputed whether this was really a new basalt
type. Within this classification, the Apollo 17 orange
glasses have trace element characteristics similar to the
Type B high-Ti basalts, but are distinctly different based
on combined trace and major element characteristics
(Neal et al. 1990). Sample 74275 has been classified as a
Type C, Apollo 17 basalt (Paces et al. 1991).
High-Ti Basalt 74275
Basalt 74275 has been described in great detail by
Meyer and Wilshire (1974), Hodges and Kushiro (1974),
Brown et al. (1975), Delano and Lindsley (1982), Neal and
Taylor (1993), and the lunar sample compendium (http://
curator.jsc.nasa.gov/lunar/lsc/74275.pdf). The high-Ti
basalt consists of large crystals of olivine (up to 0.7 mm),
pink pyroxene (up to 0.5 mm), and ilmenite/armalcolite
laths (up to 0.7 mm in length) in a subvariolitic
groundmass of plagioclase, pyroxene, ilmenite, tridymite,
glass, iron metal (<1 wt% Ni), and troilite. Olivine occurs
in at least three generations (Delano and Lindsley 1982):
olivine associated with dunitic xenoliths, olivine
megacrysts, and olivine microphenocrysts (Fig. 1). Small
euhedral chromites are found as xenoliths in the olivine
clusters (Neal and Taylor 1993). Some of the olivine
phenocrysts are rimmed with pyroxene. All pyroxene is
high-Ca pyroxene with substantial TiO2 (6.8 wt%). Sung
et al. (1974) proposed that a substantial amount of the Ti
in the pyroxenes was trivalent. The large laths of Fe-Ti
oxides consist of armalcolite rimmed with ilmenite
(El Goresy et al. 1974; Hodges and Kushiro 1974).
A compilation of the geochemistry of 74275 Apollo 17
is presented in lunar sample compendium (http://
curator.jsc.nasa.gov/lunar/lsc/74275.pdf). Longhi (1987,
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Fig. 1. BSE images of 74275,97 (high-Ti mare basalt) and 72415,55 (dunite clast in breccia). Sample 74275 is a high-Ti mare
basalt with multigenerational olivines. Olivine occurs: a) in the groundmass of the basalts and as megacrysts that appear to not
be in equilibrium with the basaltic melt. b) Xenoliths are dunites. c) Sample 72415 represents coarse-grain dunite of plutonic
origin that occurs as a clast in lunar breccias. The dunite clast is not related to mare basaltic magmatism, but is a member of the
Mg-suite (e.g., Ryder 1992). Scale bars for the three images are 200 lm in length. Area for X-ray maps in Fig. 2 are outlined in
white.

1992) argued that the 74275 basalts are not related to the
Apollo 17 orange volcanic glasses through fractional
crystallization.
Murthy and Coscio (1977) dated 74275 at
3.77  0.08 Ga using the Rb-Sr chronometer. Nyquist
et al. (1976) obtained an age of 3.73  0.32 Ga. Nunes
et al. (1974) and Paces et al. (1991) determined whole
rock U-Th-Pb and Sm-Nd isotopes, respectively. The
Ar-Ar ages (Huneke et al. 1973; Husain and Schaeffer
1973) derived for the eruption of the Apollo 17 orange
glass are between 3.48  0.05 and 3.65  0.06 Ga.
These ages have been recalculated from original
manuscripts using updated decay constants. Based on
all of the chronology for the Apollo 17 basalts, Taylor
et al. (1991) concluded that the Apollo 17 orange glass
is slightly younger than the crystalline mare basalts. The
crystallization age of the dunitic xenolith has not been
determined.
ANALYTICAL APPROACH
Electron Microprobe Imaging and Analysis
Thin sections of high-Ti mare basalt 74275(96, 97),
and Mg-suite dunite 72415,55 were initially examined
and documented using backscattered electron imaging
(BSE) on the JEOL JXA-8200 Superprobe electron
microprobe (EMP) in the Institute of Meteoritics at the
University of New Mexico (UNM). Sample 72415 was
selected to compare the olivine in Mg-suite dunite (e.g.,
Ryder 1992; Shearer et al. 2015) to the dunitic xenoliths
in 74275. Once suitable areas were located through
BSE, wavelength-dispersive (WDS) X-ray maps were
collected for Cr, Ca, Mn, P, and Ti, while energy-

dispersive (EDS) maps were collected for Mg and Fe.
Maps were collected using a 15 kV accelerating voltage,
a 500 nA beam current, and a dwell time of
800 ms pixel 1. Quantitative analyses were conducted as
traverses, from core to rim of a dunitic xenolith, olivine
megacrysts, and olivine microphenocrysts using the
EMP. The point analyses employed an accelerating
voltage of 15 kV, a beam current of 20 nA, and a spot
size varying from 1 to 3 lm. Standards for the olivine
point analyses consisted of a suite of C.M. Taylor
Company mineral and synthetic standards, as well as
select, in-house mineral standards. Stoichiometric
constraints were used to determine the quality of the
EMP analyses, and detection limits were calculated at
the 3r level. To more accurately determine the
concentration and variability of Ti and V in the olivine,
these two elements were analyzed separately in the trace
element mode. The Ti and V data were empirically
corrected and incorporated into the complete EMP
analysis. The intensity of the Ti KBeta peak relative to
Ti KAlpha was determined in a V-free sample. By
measuring Ti KAlpha in the unknown, this ratio can be
applied to determine and subtract the contribution of
the Ti KBeta overlap onto V KAlpha. All usual
corrections (e.g., ZAF) were made as well. The
analyses were conducted using the same accelerating
voltage, beam current, and a spot size as above, but
counting times (for both peak and background) were
extended to 200 s (rather than 30 s on the peak, and
15 s on background, in the above analysis). This
resulted in an improvement in the 3r detection limit to
39 ppm for Ti and 33 ppm V for olivine. A summary
of results of the EMP data for olivine are presented in
Table 1.
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Table 1. Olivine analyses for microphenocrysts, megacrysts, and xenoliths in 74275, 97, and dunite clast from 72415.
Sample
specific
data point

Olivine
type

74275
,97
average

Microphenocryst
core

SiO2
38.18
TiO2
0.13
Al2O3
0.07
Cr2O3
0.29
V2O3
0.01
FeO
21.68
MgO
38.66
MnO
0.25
CaO
0.28
P2O5
0.03
Total
99.57
Cation totals for four oxygen
Tetrahedral site
Si
0.996
Al
0.002
Ti
0.002
Total (T)
1.000
Octahedral site
Al
0.000
Ti
0.001
Cr
0.006
V
0.000
Fe
0.473
Mg
1.504
Mn
0.006
Ca
0.008
Total (O)
1.998
TOTAL (O+T)
2.998
%Fo
76.1

74275
,97
Ol2-T1-2

74275
,97
OlX-T1-28

74275
,97
OlX1-T1-40

74275
,97
OlX1-T1-1

72415
,55
T1-40

72415
,55
T1-3

Megacryst
core

Megacryst
rim

Dunite
xenolith
olivine
core

Dunite
xenolith
olivine
rim

Dunite
xenolith
rim

Mg-suite
dunite
olivine
core

Mg-suite
dunite
olivine
rim

39.02
0.12
0.06
0.29
0.01
19.35
41.16
0.20
0.24
0.00
100.46

37.35
0.20
0.06
0.21
0.01
26.07
36.05
0.32
0.33
0.03
100.63

39.13
0.02
0.04
0.26
0.01
15.93
44.38
0.16
0.26
0.01
100.19

38.95
0.05
0.06
0.24
0.01
16.39
43.81
0.20
0.25
0.00
99.95

37.51
0.10
0.06
0.16
0.01
28.30
34.05
0.33
0.32
0.03
100.86

40.16
0.01
0.04
0.01
0.01
11.30
48.09
0.11
0.10
0.00
99.84

40.30
0.01
0.00
0.01
0.01
11.29
48.29
0.10
0.11
0.00
100.11

74275
,97
Ol2-T1-23

0.996
0.002
0.002
1.000

0.986
0.002
0.004
0.992

0.987
0.001
0.000
0.988

0.987
0.002
0.001
0.990

0.997
0.002
0.001
1.000

0.993
0.001
0.000
0.994

0.994
0.000
0.000
0.994

0.000
0.000
0.006
0.000
0.413
1.567
0.004
0.007
1.997
2.997
79.1

0.000
0.000
0.004
0.000
0.576
1.419
0.007
0.009
2.015
3.007
71.1

0.000
0.000
0.005
0.000
0.336
1.669
0.003
0.007
2.020
3.008
83.2

0.000
0.000
0.005
0.000
0.347
1.655
0.004
0.007
2.018
3.008
82.7

0.000
0.001
0.003
0.000
0.629
1.349
0.008
0.009
1.999
2.999
68.2

0.000
0.000
0.000
0.000
0.234
1.773
0.002
0.003
2.012
3.006
88.3

0.000
0.000
0.000
0.000
0.233
1.773
0.002
0.003
2.011
3.005
88.4

Secondary Ion Mass Spectrometry Analysis
Trace elements (Al, Ti, V, Co, Ni, Y) in the olivine
from the dunitic xenolith were analyzed by secondary ion
mass spectrometry (SIMS) by combining data collected
from the Cameca Nano-SIMS-50L at California Institute
of Technology with data produced using the Cameca ims
4f SIMS at UNM. The high spatial resolution offered by
the Cameca Nano-SIMS-50L was used to provide welldefined traverses across individual olivine grains making
up the dunitic xenolith, whereas the Cameca ims 4f was
used to provide additional calibration of the nano-SIMS
data by providing analyses in large homogeneous areas of
the olivine. The EMP X-ray maps and quantitative spot
analyses were used to position traverses for nano-SIMS
trace element analyses at high spatial resolution. Thin
sections of 74275 and UNM SIMS standard blocks with

well-documented silicate standards such as olivine,
orthopyroxene, and high-Ca pyroxene (Shimizu et al.
1978; Shearer and Papike 2005; Shearer et al. 2013) were
simultaneously coated with carbon to produce identical
carbon coat thicknesses. The carbon coat was tested for
conductivity with a multimeter. The olivine was analyzed
with a 2 9 2 lm O beam of ~300 nA and 12 KeV
impact energy. Analyses were taken every 3–5 lm.
Approximately 40 trace element analyses were performed
on the olivine making up the 74275 dunitic xenoliths.
Secondary cations of 27Al, 28Si, 47Ti, 51V, 59Co, 62Ni, and
89
Y were simultaneously collected with electron
multipliers (EMs) at high mass resolution. The mass
resolving power (MRP) was determined using the
Cameca definition, which relates mass line width to mass
dispersion by dividing the mass (M) of the isotope of
interest by the total range in mass differences (DM)
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among ions entering an electron multiplier. Masses were
selected to minimize interferences. For every analysis
point in the standards and unknowns, the intensities for
each mass were normalized to 28Si and multiplied by the
wt% SiO2. Calibration curves were constructed using
these values for the standards versus concentration. This
calibration approach follows that documented in
numerous ion microprobe studies (e.g., Shimizu et al.
1978; Shearer and Papike 2005; Shearer et al. [2008], and
references within these manuscripts). These calibration
curves were then used to calculate concentrations in the
olivine crystal being analyzed. The precision values for
measurements of 27Al, 28Si, 47Ti, 51V, 59Co, and 62Ni were
better than 10%. The precision for 89Y was better than
25%. Estimates for detection limits of the trace elements
were approximately 1.0 ppm. The University of New
Mexico Cameca ims 4f ion microprobe was used to
analyze 27Al, 30Si, 47Ti, 51V, 59Co, 60Ni, and 89Y in the
olivine to compare against the nano-SIMS data on larger
homogeneous areas (Shearer and Papike 2005; Shearer
et al. [2013] and references within these manuscripts).
RESULTS
Olivine Texture
Three generations of olivine in 74275 have been
described in previous studies (Walker et al. 1973; Meyer
and Wilshire 1974; Delano and Lindsley 1982; Neal and
Taylor 1992, 1993) (1) anhedral to subhedral
microphenocrysts, (2) euhedral megacrysts, and (3)
anhedral dunitic xenoliths. The olivine microphenocrysts
are generally anhedral and range in grain size from
<50 lm to approximately 300 lm (Figs. 1a and 1b). They
are immersed in a subvariolitic, finer grained groundmass
of armalcolite rimmed by ilmenite, plagioclase,
titanaugite, tridymite, metallic iron, troilite, and glass,
and commonly contain euhedral to subhedral inclusions
of chromite. Pyroxene rims some of the olivine. The
megacrysts are euhedral to subhedral and range in size
between 300 and 800 lm. The olivine megacrysts contain
minor melt inclusions and euhedral to subhedral
inclusions of chromite in their outer rims. Fe-Ti oxides
are intergrown with late-stage, Fe-rich olivine rims and
radiate normal to the olivine growth surface (Fig. 1a).
The dunitic xenoliths (Fig. 1b) are anhedral in shape and
are generally greater than 800 lm. They have thin Fe-rich
rims (10–30 lm). There are minor inclusions of Fe metal
that are generally <2 lm in diameter. Smaller sulfides
globules are associated with some of the Fe metal grains.
For comparison, we examined sample 72415, which
is a dunite lithology with Mg-suite heritage that occurred
as a clast in a breccia (e.g., Dymek et al. 1975; Ryder
1992; Shearer et al. 2015). The olivine in the clast occurs

as subround to angular fragments immersed in a finegrained granulated matrix of predominantly olivine
(Fig. 1c). Minor phases associated with the olivine
include pyroxene, plagioclase, troilite, Fe metal,
chromite, and phosphates. Symplectite assemblages of
chromite + high-Ca pyroxene, high-Ca pyroxene–troilite
veining, and phosphate veining are associated with the
olivine. Ryder (1992) suggested that this cumulate
crystallized in a hypabyssal crustal environment based on
Fe/Mg zoning and CaO content, but Shearer et al. (2015)
suggested a deeper crustal origin based on symplectite
assemblages and the complexities that of relating pressure
with CaO content in olivine (e.g., Kohler and Brey 1990).
Olivine Major and Minor Element Zoning
A comparison of major and minor element
characteristics and zoning style among the different
olivines in 74275 and between the olivines in 74275 and
the dunite represented by sample 72415 are illustrated in
Figs. 2 and 3. Table 1 presents examples of olivine
compositions from 74275 and 72415. The BSE images
(Fig. 1a), Mg X-ray maps (Fig. 2a), and elemental
traverses (Fig. 3a) of the megacrysts in 74275 illustrate
that they have large, fairly homogeneous cores with thin
reaction rims that are approximately 50 lm wide. The
Mg# of the cores range from 77 to 79. The Mg#
transitions from 77 at the outer core to 70 at the rim
immediately adjacent to the surrounding matrix. X-ray
maps for Ti and P do not show any internal zoning in the
core. With decreasing Mg# from megacryst core to rim
are increases in MnO (approximately 0.21 wt% in the
core to >0.32 wt% at rim), TiO2 (approximately 0.10 wt
% in core to >0.16 wt% at rim), CaO (approximately
0.25 wt% in core to >0.32 wt% at rim), and decreases in
Cr2O3 (approximately 0.30 wt% in core to <0.20 wt% at
rim).
The dunitic xenolith contains olivine with similar
zoning with respect to Mg#. The cores of the xenolith
are fairly homogeneous with Mg#s exhibiting limited
variations from 82 to 83. The Mg# decreases from 82 to
68 over the 50 lm wide rim (Figs. 1b, 2b, and 3b). In
contrast to the megacrysts, the Ti and P X-ray maps of
the xenolith illustrate that slow diffusing elements
preserve primary cumulate zoning textures. These X-ray
maps illustrate that the dunitic xenolith consists of
many individual olivine grains with low Ti and P cores.
Individual olivine grains making up the xenolith range
from approximately 0.02 to 0.03 wt% TiO2 and
<0.008 wt% P2O5 in cores to greater than 0.1 wt%
TiO2 and >0.02 wt% P2O5 in rims (Fig. 3b; Table 1).
To test the possibility that the Mg-suite dunites
(72415) that occur at the Apollo 17 landing site may be
the source of the xenoliths in the basalt (Ryder 1992;
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Fig. 2. High-current X-ray maps (Mg, Ti, and P or Ca) of (a) megacrysts, (b) dunite xenolith in 74275, and (c) olivine in the
dunite clast in sample 72415. Mg# values are shown in the Mg maps. Phosphorous zoning is very subtle in the dunite xenolith
and mimics Ti and does not occur at all in the olivine megacrysts. Phosphorous was not mapped in the dunite clast as P is very
low in the olivine and appears to be concentrated in apatite veins cutting through the olivine (see fig. 14 in Shearer et al. 2015).
The results of electron microprobe traverses are shown in Fig. 3. A nano-SIMS traverse across one of the dunite xenolith olivine
crystals is located on the Ti map. The results of the nano-SIMS traverse are shown in Fig. 5.

Neal and Taylor 1993; Papike et al. 1998; Shearer and
Papike 2005; Shearer et al. 2006, 2015), we examined
the major and minor element zoning of the olivine in
72415. The BSE image, most X-ray maps, and spot
analysis traverses across olivine of the dunite
represented by sample 72415 (Figs. 1c, 2c, 3c, and 4)
illustrate that the olivine is fairly homogenous with
respect to Mg# (88.4–88.7), P2O5 (<0.005 wt%), MnO
(0.10–0.13 wt%), Cr2O3 (0.01–0.03 wt%), and Ti (77–
<33 ppm). In contrast to these elements, Ca appears to
define an internal structure to these large olivine grains
(Fig. 2c). These variations are subtle but low Ca cores
of olivine fragments are approximately 0.05 wt% CaO,
whereas the surrounding olivine reaches approximately
0.10 wt% CaO (Figs. 2c and 5).

Olivine Trace Elements
Trace element analyses collected by nano-SIMS are
presented for selected spots across a portion of the
olivine xenolith in 74275 (Fig. 5). The trace element
variation across the traverse from the rim of
the xenolith across one of the olivine grains making up
the xenolith is shown in Figs. 2b and 6. Although the
variation in Mg# does not reflect the subtle zoning
defined by P and Ti (Figs. 2b and 3b), variations in Al,
Ti, Ni, Co, and V clearly preserve a mixture of original
cumulate texture as well as interactions between the
xenolith and surrounding melt. The highly incompatible
elements Al and Ti are enriched in the Fe-rich rim of
the xenolith (320 and 1000 ppm, respectively), depleted

1456

C. K. Shearer et al.

Fig. 3. Chemical variations in olivine between core and rim. a) Megacryst. b) Xenolith. c) Mg-suite dunite.

exhibit behavior contrasting with each other and highly
compatible and incompatible elements. Cobalt is
depleted in the core of individual olivine grains making
up the xenolith (48 ppm) and is slightly higher in the
rim of the xenolith (85 ppm) and the interior rim of the
individual olivine grain (60 ppm). In contrast, V is
enriched in the interior rim of the olivine (45 ppm),
depleted in the core (34 ppm), and highly depleted in
the xenolith rim (20 ppm).
DISCUSSION
Relationship between the Olivine Megacrysts and 74275

Fig. 4. Mg# versus TiO2 for olivines present in 74275 and
dunite xenolith in 72415.

in the core of the individual olivine grains making up
the xenolith (100 and 300 ppm, respectively), and
slightly enriched in the rims of individual olivine grains
(140 and 500 ppm, respectively). The distribution of Ti
as determined by nano-SIMS reproduces the
observations made for the distribution of TiO2 by EMP
(Fig. 3b). Highly compatible elements in olivine such as
Ni exhibit a decrease in the rim surrounding the
xenolith (44 ppm), an increase in the incompatible
element depleted (P, Al, Ti) core of the individual
olivine grains making up the xenolith (133 ppm), and a
slight decrease in the “interior rim” of the individual
olivine grains (100 ppm). Moderately compatible
element Co and moderately incompatible element V

The olivine megacrysts in 74275 could potentially
represent either an accumulation of an earlier generation
of phenocrysts indigenous to the 74275-type magma or
xenocrystic olivine introduced by mixing of another melt
or solid component. To examine this relationship, we
have calculated some compositional characteristics of the
melt coexisting with the olivine megacrysts using both
olivine–melt partitioning coefficients for minor and trace
elements (Dolivine/melt) and Fe-Mg exchange coefficients
(KDolivine/melt). Values for Dolivine/melt and KDolivine/melt
used for calculating melt compositions are presented in
Table 2. A similar approach is used later to estimate
the composition of the melt in equilibrium with the
olivine in the dunitic xenoliths. The selection of Dolivine/
melt
for highly incompatible elements may contribute to
errors in the calculated melt compositions; however, at
the very least, this approach allows for a relative
comparison among different generations of olivine in
74275.
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Fig. 5. Comparisons between different olivines from 74275 and olivine from other lunar lithologies. a) Mg# versus CaO. b) Co
versus Ni.

Fig. 6. A nano-SIMS traverse (see Fig. 2c) across one of the
olivine crystals making up the dunitic xenolith. These are ion
intensity values normalized to Si. For each element, these
values are proportional to concentration.

TiO2 was estimated for the melt in equilibrium with
the cores of both the olivine microphenocrysts and
olivine megacrysts. The TiO2 was estimated using a
DTiolivine/melt of 0.011 estimated for lunar basalts by
Butler (1972) and Delano and Lindsley (1982). This value
is similar to the DTiolivine/melt determined in a variety of
experimental partitioning studies and analyses of natural
occurring
phenocryst–matrix
pairs
(0.007–0.015;
Lindstrom 1983; Dunn 1987; Colson et al. 1988;
McKenzie and O’Nions 1991; Nikogosian and Sobolev

1997). However, Longhi et al. (1978) reported
significantly higher DTiolivine/melt (0.027–0.065) for a range
of lunar bulk compositions (TiO2 = 1.63–13.5 wt%) at
various temperatures (1124–1375 °C) and pressures
(12.5 kb). It is uncertain if the low concentrations of Ti in
the olivine from their experiments compromise some of
these discrepancies. Longhi et al. (1978) did not observe
any relationship between DTiolivine/melt and melt
composition, temperature, or pressure. Taura et al.
(1998) used secondary ion mass spectrometry to examine
Ti partitioning between olivine and melt at various
pressures (3–14 GPa). Constructing Onuma diagrams for
these data, they concluded that the DTiolivine/melt ranged
between 0.008 and 0.026 (with an average of 0.014).
Furthermore, they were unable to document any
significant variation in the DTiolivine/melt with temperature
or pressure. Using the DTiolivine/melt proposed by Butler
(1972) and Delano and Lindsley (1982), the TiO2
concentration of the melt in equilibrium with the
microphenocrysts is approximately 12.6 wt% and the
TiO2 concentration of the melt in equilibrium megacrysts
is 12.1 wt%. These values are similar to the bulk
composition of 74275, which ranges from 12.6 to 13.1 wt%
(Papike et al. 1976, 1998; Basaltic Volcanism Study
Project 1981). Using the selected DTiolivine/melt appears to
be internally consistent.
Using the TiO2 content of the calculated magmas as
a starting point, the Mg# for the parent melts to these
two olivine populations were calculated. To calculate
the Mg# for the parent melts from the olivine, it is
necessary to know the TiO2 of the melt, as Longhi et al.
(1978), Delano (1980), and Longhi (1992) demonstrated
that the Fe-Mg KDolivine/melt depends on the TiO2
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Table 2. Ds and KD used to calculate melt compositions from olivine analyses.
Elements

Value

References

Fe-Mg KDolivine/high-Ti melt
Fe-Mg KDolivine/low-Ti melt
DTiolivine/melt
DCrolivine/melt
DCaolivine/melt
DMnolivine/melt
DAlolivine/melt

0.25
0.32
0.01
0.75
0.033
0.83
0.0076

Longhi et al. (1978), Longhi (1992)
Longhi et al. (1978), Longhi (1992)
Butler (1972), Delano and Lindsley (1982), Mallmann and O’Neill (2009)
Hanson and Jones (1998), Bell et al. (2014, unpublished data)
Longhi et al. (1978), Mallmann and O’Neill (2009)
Butler (1972), Longhi et al. (1978), Mallmann and O’Neill (2009)
This article and based on Colson et al. (1988), Lindstrom (1983),
Mallmann and O’Neill (2009)

concentration of the melt. The Delano (1980) data also
showed that for the high-Ti basalt compositions, the FeMg KDolivine/melt increased by 0.01/kbar at least up to
20 kbars. Using the relationship between Fe-Mg
KDolivine/melt and TiO2, a Fe-Mg KDolivine/melt of 0.28 was
used to calculate the Mg# of melts in equilibrium with
the two populations of olivine. Using core olivine
composition, the Mg# of melts in equilibrium with
microphenocrysts and megacrysts are 46 and 50,
respectively. The approximate Mg# for the bulk 74275
is approximately 50 and rather nicely agrees with the
concept that the bulk rock is composed of melt plus
added olivine.
To compare other chemical differences in potential
parental melts between the microphenocrysts and
megacrysts, olivine compositions were combined with
appropriate Dolivine/melt for Cr, Ca, Al, and Mn
(Table 2). The DCrolivine/melt of 0.75 was used in these
calculations based on the results of Hanson and Jones
(1998), and Bell et al. (2014) for a temperature of
1250 °C and an fO2 of IW-1. The modeling of Hanson
and Jones (1998), Gaetani and Grove (1997), and Bell
et al. (2014) is based upon a variety of basaltic melt
(e.g., iron-rich Martian basalts, iron-free compositions)
suggesting negligible effect in DCrolivine/melt with changes
in bulk composition. The DCaolivine/melt of 0.030 used in
this calculation is based on the experiments of Longhi
et al. (1978). The values agree with observations and
measurements of Butler (1972) for low-Ti mare basalts
(0.032), and Dunn (1987) and Taura et al. (1998) for
terrestrial basalts at a variety of pressures (0.034–0.035
and 0.033, respectively). Longhi et al. (1978) predicted a
temperature dependency of DMnolivine/melt. Using their
equation for estimating the partitioning behavior of Mn
between olivine and melt, the DMnolivine/melt at 1250 °C
for mare basalts is 0.83. This is similar to values
estimated by Butler (1972), Mikouchi et al. (1994), and
Mallmann and O’Neill (2009) at lunar fO2 conditions.
Based on these Dolivine/melt values for Cr, Ca, Al, and
Mn, the melt compositions calculated from the olivine
microphenocrysts and megacrysts show important
differences. The melt compositions calculated for the

microphenocrysts are Cr2O3 = 0.38 wt%, CaO = 9.16
wt%, Al2O3 = 8.55 wt%, and MnO = 0.30 wt%. These
values are similar to the bulk 74275 composition (e.g.,
Cr2O3 = 0.48–0.64 wt%, CaO = 10.38 wt%, Al2O3 =
8.51 wt%, and MnO = 0.25 wt%) particularly if a
proportion of the olivine megacrysts are removed in
calculating the true melt composition (Duncan et al.
1974). The melt compositions calculated for the
megacrysts are Cr2O3 = 0.39 wt%, CaO = 7.93 wt%,
Al2O3 = 7.76 wt%, and MnO = 0.24 wt%.
The relationship among these calculated magmas
can be examined in the context of liquid line of descent
(LLD) trajectories for MgO versus TiO2, calculated by
Longhi (1987). Figure 7 is a plot modified from
Longhi’s initial calculations and figures. This plot
combines all of the mare basalt compositions considered
by Longhi (1987) over the entire range of TiO2. Unlike
the diagram presented by Longhi (1987), the x-axis in
Fig. 7 has been modified from MgO wt% to Mg#. This
conversion was done by plotting pyroclastic glass and
mare basalt compositions in the original plot and
calculating Mg# from their bulk compositions. Bulk
compositions that plotted on olivine or olivine + Fe-Ti
oxide saturated LLD could easily be transferred into the
Mg#-TiO2 plot. Using this plot, it is clear that there are
subtle differences observed between our calculated
liquid compositions for the microphenocrysts and
megacrysts, the bulk 74275 composition, and the parent
melt composition calculated from the olivine megacrysts
by Delano and Lindsley (1982). Of particular
importance is that within the error of the analytical
measurements and selected Dolivine/melt, the calculated
compositions for the microphenocrysts and megacrysts
plot on a similar LLD for Mg# and TiO2. This similar
LLD is also consistent with variations in incompatible
elements, with CaO, Al2O3, and MnO increasing along
this LLD. These data imply that the microphenocrysts
and megacrysts both crystallized from high-Ti basaltic
magmas with very similar compositions. The simplest
interpretation is that these two types of olivine
“phenocrysts” crystallized from the same parental highTi basalt under two different conditions.
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Fig. 7. Liquid lines of descent for mare basalts plotted in
terms of Mg# versus TiO2. This diagram combines the
experiments and illustrations from Longhi (1987), but the xaxis has been converted to Mg#. Liquid compositions
calculated from the three generations of olivine in 74275 are
plotted along with their liquid lines of descent. The olivine
microphenocryst and megacrysts define melts that lie along
similar liquid lines of descent of a parent basalt for 74275.
However, olivine in the dunite xenolith appears to define a
different parent magma.

Petrogenesis and Transport of Olivine Megacrysts
A plethora of previous studies have attempted to
extract the time scales and thermal histories of magmatic
processes using zoning patterns observed in crystals (e.g.,
Bottinga et al. 1966; Lofgren 1972; Anderson 1983;
Blundy and Shimizu 1991; Costa and Dungan 2005;
Costa et al. 2008). In particular, modeling of zonation
patterns in olivine has proven to be both highly
interpretable and applicable for reconstructing both
terrestrial and extraterrestrial magmatic processes (e.g.,
Donaldson 1976; Onorato et al. 1978; Armienti et al.
1994; Fagan et al. 2002; Costa and Dungan 2005;
Miyamoto et al. 2006; Costa et al. 2008). The
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effectiveness of using olivine zoning in modeling
magmatic processes (e.g., Chakraborty 2010; Qian et al.
2010; Spandler and O’Neill 2010) is the result of diffusion
in olivine being well-documented (e.g., anisotropy of
diffusion, diffusivities for many elements over a range of
temperatures, exchange of major and minor elements
between mineral and melt).
Based on the previous section, a likely scenario for
the petrogenesis of the olivine megacryst in 74275 is that
they crystallized in a magma chamber in the lunar crust,
were homogenized during extended magmatic residence
in the chamber, and were then transported and erupted
on the lunar surface in the high-Ti 74275 magma. This is
somewhat similar to the model suggested by Fagan et al.
(2002) and Day and Taylor (2007) for the olivine
megacrysts in lunar meteorite NWA 032. Using
conditions that are also appropriate for the megacrysts in
74275 (cooling rate of 2 °C h 1, liquidus temperature of
1220 °C, and a viscosity of 3 Pa-S), Fagan et al. (2002)
estimated approximate growth rates for the olivine
phenocrysts in NWA 032 of between 10 7 and
10 8 cm s 1. In contrast, Day and Taylor (2007)
calculated growth rates for the olivine in NWA 032 to be
a bit slower, at approximately 3 9 10 9 cm s 1. This
range of growth rate values is similar to other estimates
for the growth rates of silicates in basalts, between 10 8
and 10 9 cm s 1 (Cashman and Marsh 1988; Marsh
1998; Jerram et al. 2003). Using the slower rate, between
1 9 10 8 and 3 9 10 9 cm s 1 (proposed by Fagan
et al. [2002] and Day and Taylor [2007]), it took between
115 and 385 days to grow the larger megacrysts (1 mm)
in the magma chamber for the 74275 magma. Based upon
the diffusion of Fe and Mg in olivine (Chakraborty
1997), these relatively long periods of olivine growth and
residence in the magma chamber would result in the
homogenization of the Fe and Mg. Fagan et al. (2002)
calculated that the somewhat smaller NWA032 olivine
megacrysts would have become homogenized with regard
to their Fe-Mg within 40 days at temperatures of
1220 °C. The megacrysts from 74275 would have become
homogenous within the growth time estimated above
(between 115 and 385 days). An interesting difference
between the megacrysts in 74275 and NWA 032 is that
the megacrysts in NWA 032 have cryptic P zoning
(Elardo and Shearer 2014), which is absent in the olivine
megacrysts in 74275. It is unlikely that the lack of cryptic
P zoning is simply the result of P zoning in the olivine
being below the detection limit of the imaging as the P2O5
in 74275 parent (0.06–0.074 wt%) is only slightly less
than that measured in NWA 032 (P2O5 = 0.09 wt%)
(P2O5 data from Neal and Taylor 1993; Fagan et al.
2002). More likely, the longer residence time in the
magma may have resulted in either limiting the formation
of cryptic P zoning due to the kinetics of the olivine
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Fig. 8. Comparisons between measured Mg# profiles across olivine rims from a) megacryst in 74275 and b) dunite xenolith in
74275. Diffusion profiles are calculated using the worksheet created by Costa et al. (2008).

surface and melt or the P zoning may have been erased
via diffusion (e.g., Qian et al. 2010).
It is our contention that the Fe-enrichment observed
along the rim of the 74275 olivine megacrysts reflects the
changing conditions that result from the transport of the
74275 magma from the magma chamber through the
crust to the lunar surface. This interpretation is based on
several observations. (1) Megacrysts are generally
euhedral in shape, whereas adjacent microphenocrysts
are subhedral, suggesting olivine growth in two different
environments (Fig. 1a). (2) The Fe-enrichment in the
megacrysts is associated with euhedral olivine surfaces
suggesting diffusion across these surfaces rather than
late-stage crystallization of olivine (Figs. 1a and 2a). (3)
Potentially the same LLD for early olivine megacryst and
late olivine microphenocrysts (Fig. 7). The diffusion time
scale for the production of the Fe-enriched rim can be
made by combining electron microprobe traverses across
olivine megacrysts with worksheets for calculating
diffusion profiles prepared and made available by Costa
et al. (2008) (Chapter 14 of Reviews in Mineralogy and
Geochemistry volume 69: http://www.minsocam.org/
MSA/RIM/rim69.html). Calculations for the rate of
transport of the megacrysts are based on (1) the olivine
megacrysts are homogeneous with a composition of Fo78,
(2) the magma has a temperature of 1200 °C based on
temperature–pressure experiments on 74275 by Green
et al. (1975), and (3) the diffusion profile measured in the
olivine is near parallel to [010] or [100]. Costa et al.
(2008) illustrated that diffusion of Fe and Mg in olivine is
anisotropic and that diffusion parallel to [001] is
approximately six times faster than diffusion parallel to
either [010] or [100]. A comparison between a measured

diffusion profile for Fe-Mg across an olivine megacryst
and calculated diffusion profiles for various periods of
time is illustrated in Fig. 8a. The resulting modeling
indicates that the Fe-enriched rim on the megacrysts
formed over a period of 14–30 days. The Fe-enriched rim
represents the period of time from basalt transport from
the magma chamber, cooling at the surface, to the
crystallization of plagioclase late in the crystallization
sequence at 1130 °C (Green et al. 1975). If most of this
diffusion profile was produced during the transport
process and not during cooling of the lava flow on the
lunar surface, the ascent rate of the megacrysts is
substantially slower than mare basalt ascent rates
previously proposed for the Moon (e.g., Wilson and
Head 1981; Spera 1992).
Potential Source Lithologies for the Dunite Xenoliths
Potentially, the dunite xenoliths in 74275 could be
related to the Apollo 17 dunites with a Mg-suite
heritage, linked to mare basaltic magmatism at the
Apollo 17 site as crustal accumulations of olivine (either
directly linked to the high-Ti mare basalt represented by
74275 or another mare basalt type), or a lunar mantle
lithology. Here, we explore these alternatives.
As dunites related to the Mg-suite were identified and
collected at the Apollo 17 site approximately 3.0 km from
the 74275 sample collection site, it makes sense to explore
the possibility that these two dunite lithologies are
related. The BSE images in Fig. 1 and the X-ray maps in
Fig. 2 illustrate that there are significant textural
differences between these two dunites. The Mg-suite
dunite is substantially brecciated and has distinctly

Dunite xenoliths in mare basalts

different zoning compared to the dunite xenolith.
However, the Mg-suite dunite has irregular Ca zoning;
the 74275 dunite has well-defined zoning of Ti and P (and
Al, V, and Ni) suggestive of an igneous origin. The Mgsuite dunite also has textures suggestive of a deep crustal
origin such as chromite–pyroxene sympltectites as well as
phosphate- and sulfide-pyroxene veining. These types of
textures are reminiscent of textures observed in deepseated crustal and mantle xenoliths on Earth (Basaltic
Volcanism Study Project 1981). Although the olivine in
the Mg-suite dunite has Co and Ni concentrations that
overlap with those observed in the olivine in the 74275
dunitic xenoliths (Fig. 6b), the Mg-suite dunite has a
higher Mg# (Figs. 3 and 4) and lower concentrations of
Cr, Ti (Figs. 3 and 4), and Ca (Fig. 6a). Clearly, these
two dunites are unrelated. Further, the textural data seem
to imply that these two lithologies represent emplacement
in two different crustal regimes, a deep crustal
environment (Mg-suite dunite), and a hypabyssal crustal
environment (dunitic xenoliths). These differences in
texture also suggest that the 74275 xenoliths do not
represent lithologies that were exposed for long durations
to the pressure and temperature conditions of the deep
crust or upper mantle. Therefore, it is unlikely that the
xenoliths are derived from the lunar upper mantle.
To compare differences in parental melt between
the olivines that crystallized from the 74275 basalt and
the dunitic xenolith, olivine compositions from the
dunitic xenolith were combined with appropriate Fe-Mg
KDolivine/melt and Dolivine/melt for Ti, Cr, Ca, Al, and Mn,
as was done in the section above. The Dolivine/melt values
used for these calculations are presented in Table 2. The
assumption in these calculations is that olivine
compositions were not greatly disturbed during
subsolidus re-equilibration or transport in the 74275
magma. TiO2 was estimated for the melt in equilibria
with the cores of the olivine in the dunitic xenolith.
Using the DTiolivine/melt from above, the TiO2
concentration of the melt in equilibrium with the core
olivine is approximately 2.4 wt%. Using the relationship
between Fe-Mg KDolivine/melt and TiO2 (Longhi et al.
1978; Delano 1980; Longhi 1992), a Fe-Mg KDolivine/melt
of 0.32 was used to calculate the Mg# of melts in
equilibrium with the olivine in the xenolith. Using the
core olivine composition, the Mg# of melts in
equilibrium olivine is approximately 58. The value is
somewhat compromised in that the Mg# of individual
olivine grains making up the xenolith was probably
modified slightly in the magma chamber. Most likely,
the Mg# may have been higher. These two calculated
values suggest that the dunite represents a cumulate
produced from the crystallization of a low-Ti mare
basalt rather than the high-Ti basalt that carried it to
the surface of the Moon. Therefore, the dunitic xenolith

1461

is a xenolith representing earlier olivine crystallization
from an unrelated, low-Ti magma. Other melt
characteristics calculated from the xenolith are
Cr2O3 = 0.34 wt%, CaO = 7.85 wt%, Al2O3 = 5.40 wt%,
and MnO = 0.19 wt%.
By plotting the Mg# and TiO2 of the calculated
xenolith parent melt composition on the LLD diagram
(Fig. 7) modified from Longhi (1987), the relationship
between this calculated magma and other lunar basalts
may be examined. The calculated melt composition plots
within the field of primitive low-Ti mare basalts at TiO2
slightly below the values for the Apollo 14 (4.7 wt%
TiO2) and 15 (3.5 wt% TiO2) yellow pyroclastic glasses.
The Mg# is slightly higher than these glass compositions.
The calculated LLD for this parental magma for the
xenoliths intersect fields defined by the Apollo 12
pigeonite basalts and Apollo 12 ilmenite basalts. With the
relatively low calculated incompatible major and minor
elements (Cr, Ca, Al, and Mn) concentrations in the
parental magma, crystallization of olivine along the
projected LLD (Fig. 7) would result in these elements
reaching concentrations typical of more evolved mare
basalts. The LLD trajectory for this bulk composition
also explains the absence of oxides and other minor
phases in the xenolith; olivine is the only liquidus phase
at these TiO2 and Mg# values (Longhi 1987). An unusual
characteristic of the olivines in the dunite xenolith and
the calculated liquid composition is that they are both
low in Ni and Co relative to many other low-Ti basalts
(Fig. 6). The Ni and Co concentrations of the olivines in
the xenolith are 100–200 and 40–80 ppm, respectively,
whereas the cores of olivines in most low-Ti mare basalts
with low Mg# are 400–700 and 200–300 ppm (Fig. 5) Ni
and Co, respectively. Part of this difference is due to the
slightly higher TiO2 of the calculated parent melt
compared to the low-Ti magmas that are presented in
Fig. 5. As demonstrated by Delano (1986) and Shearer
et al. (1996), Ni and Co in lunar pyroclastic glasses is
general inversely correlated with Mg#. For example, very
low-Ti glasses have Ni and Co 2–3 times higher (Ni = 90–
200 ppm Ni) than low-Ti and intermediate-Ti pyroclastic
glasses (Ni = 55–85 ppm). Still, even with the slightly
higher TiO2, the olivine and the calculated parent magma
are lower in Ni and Co than expected for low-Ti mare
basalts. It is therefore our conclusion that this dunite
xenolith crystallized from a mare magma not sampled at
either the Apollo 17 site or any of the other Apollo
landing sites.
Thermal History and Transportation of the Xenoliths to
the Lunar Surface
There are three thermal episodes recorded in the
major and minor element zoning observed in olivine from
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Fig. 9. Schematic of model for the petrogenesis of the dunite xenolith identified in 74275. a) Dunite layer in low-Ti mare basalt
intrusion consisting of cumulate olivine zoned from high Mg# and low P and Ti cores to low Mg# and high P and Ti rims. The
dunite lithology represented by sample 72415 originates closer to the crust–mantle boundary. b) At subsolidus temperatures, high
DFe-Mg results in creating Mg# homogeneity. The preservation of P and Ti zoning requires a slower DP and DTi at these
temperatures. c) Once incorporated as a xenolith in the 74275 high-Ti mare basalt, the P and Ti zoning in the cumulate olivine is
preserved as a result of relatively rapid transport and eruption of the host magma. The xenolith reacts with host magma to form
a thin rim (green) enriched in Fe, Ti, and P.

the xenolith (1) an event representing the crystallization
from a low-Ti parent magma, (2) an event representing
re-equilibration during either magmatic residence in the
magma chamber or in the cumulate pile, and (3) an event
representing re-equilibration during transport in the
74275 magma. These different episodes are superimposed
on one another, but can be deconvolved (Fig. 9).
The P and Ti zoning observed in each individual
olivine crystal making up the xenolith most likely
represents the magmatic crystallization of the olivine

from the low-Ti parent magma (Fig. 9a). The low
concentration of P, Al, Ti, and perhaps V in the cores,
with enrichments of these elements in the rims, is
consistent with enrichment of the parent magma in
incompatible elements during crystallization. However,
this zoning is considerably different than the cryptic
oscillatory style of P and Al zoning observed in many
other olivines (Milman-Barris et al. 2008; Shearer et al.
2013; Elardo and Shearer 2014). The low-diffusivity of P
and Al is consistent with the preservation of igneous
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zoning during the olivine’s postcrystallization thermal
history (Milman-Barris et al. 2008; Shearer et al. 2013).
The preservation of the corresponding Ti zoning has not
been documented in many other igneous olivines
(Milman-Barris et al. 2008) and is a bit more perplexing.
Its preservation provides both constraints for the thermal
history of the xenolith and the relative diffusivity of Ti in
olivine at subsolidus temperatures.
Across the individual olivine crystals making up the
xenolith and across the complete xenoliths (except the
thin reaction rim around the whole xenolith), the Mg#
is fairly constant (0.82–0.83) and is not correlated with
the variation in Ti, Al, and P. Our interpretation of
this homogenous Mg# is that it represents a
postcrystallization re-equilibration of olivine making up
the dunite xenolith. The diffusivity of Fe-Mg in olivine
is several orders of magnitude faster than P. Therefore,
the P igneous zoning is preserved, whereas the Mg# is
not. In that the thin reaction rim appears to be the
result of the interaction between the 74275 magma and
xenolith, it is more likely that the re-equilibration of
Mg and Fe occurred in the dunite cumulate pile. The
occurrence of this subsolidus episode potentially causes
a dilemma for the preservation of Ti (and perhaps V)
zoning. Experimental diffusion studies of minor and
trace elements in San Carlos olivine at 1300 °C
(Spandler and O’Neill 2010) and examination of a
mantle olivine xenocryst in a dioritic magma at 950 °C
(Qian et al. 2010) have been interpreted as indicating Ti
and V diffuse much faster than the corresponding MgFe interdiffusion coefficient. However, more recent
measurements indicate that Ti diffusivities in olivine are
similar to those of trivalent REEs and considerably
slower than those of Cr, Ca, and Fe-Mg in olivine
(Cherniak and Liang 2014). Ilmenite exsolution in
olivine from the Skaergaard intrusion, and the Cuillin
Igneous Complex, Isle of Skye (Moseley 1981) implies
that during long subsolidus cooling of these intrusions,
Ti is mobile in olivine. The lack of these textures in the
dunite xenolith suggests that the re-equilibration of the
olivine occurred at relatively shallow- to midcrustal
levels and on a time scale that was insufficient for the
resetting of the Ti zoning profile
Based on the textures shown in Figs. 1, 2, and 3, the
Fe-enriched reaction rim around the xenolith is clearly
the result of the interaction between the 74275 basalt and
the xenolith. These figures show that the Fe-enrichment is
associated with the outer-most surface of the xenolith and
not around individual olivine grains making up the
xenolith. Using the methodology discussed above to
decipher the Fe-enrichment associated with the rims of
the megacryst, the postincorporation history of the
xenolith may be calculated. Figure 8b compares the
zoning profile of Mg# across the dunite xenolith to the
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zoning profile calculated using the approach of Costa
et al. (2008). This comparison indicates that the xenolith
was incorporated and transported in the 74275 magma
over a period of time between 30 and 70 days.
CONCLUSIONS
Lunar basalt 74275 contains a complex population of
olivine that consists of microphenocrysts, megacrysts, and
dunitic xenoliths. Reconstruction of melt compositions
and LLDs indicate that the microphenocrysts and
megacrysts crystallized from a single high-Ti mare basalt
magma under different conditions. The megacrysts
crystallized earlier than the microphenocrysts in a magma
chamber at hypabyssal crustal conditions. They were
transported to the lunar surface in the 74275 basalt over a
period of 30 days or less. The high-Ti basalt remained
olivine saturated and at or near the surface the
microphenocrysts crystallized from the magma. The
dunite xenoliths do not represent deep crustal or shallow
mantle lithologies. They are texturally and chemically
distinct from other dunites identified from the Apollo 17
site. More likely, they represent olivine cumulates that
crystallized from a low-Ti mare basalt at intermediate to
shallow crustal levels. As indicated by numerous
calculated chemical characteristics, the parent basalt to
the dunite xenolith lithology was more primitive than lowTi basalts thus far returned from the Moon. In addition,
this parental magma, or its more evolved daughter
magmas, was not collected on the surface of the TaurusLittrow Valley by the Apollo 17 mission. The dunite
lithology was exposed to several episodes of reequilibration. During the last episode of re-equilibration
(rim on the xenolith), the dunite cumulate was sampled by
the 74275 magma and transported over a period of 30–
70 days to the lunar surface.
In one of the few acknowledged occurrences of
dunite xenoliths in lunar basalts, the lithology is
concluded to originate from mid- to upper-crustal
horizons. Although this study did not identify upper
mantle mineral assemblages, there are other samples that
could be examined for deep crustal and upper mantle
lithologies. Ryder et al. (1997) identified both magnesian
olivine (Fo90-94) and orthopyroxene (En90-84 Wo1.3) in
poikilitic melt breccias that were produced during the
Serenitatis impact event. Some of the minor element
characteristics (e.g., TiO2) of the magnesian olivine and
orthopyroxene are distinctly different from highlands
plutonic rocks (Ferroan Anorthosites, Mg-suite).
Between 1970 and 1976, the Luna robotic sample return
program carried out by the Soviet Union collected drill
cores along a ~480 km “traverse” from the Fecunditatis
basin (Luna 16) to the lunar highlands between the
Fecunditatis and Crisium basins (Luna 20) to the Crisium
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basin (Luna 24). The total mass of the cores that were
returned was approximately 321 g with Luna 16
returning ~101 g, Luna 20 returning ~50 g, and the Luna
24 returning ~170 g. Approximately 12 g of material
from these missions was received by NASA with smaller
portions allocated to the Royal Society of London and
India. Of particular interest are the Luna 20 samples. In
the NASA sample allocation, magnesium-rich olivines
and pyroxenes occur with crystalline rocks and mineral
fragments. Olivine has compositions up to Fo94 and the
orthopyroxene have magnesium-rich compositions of
Wo03En85Fs12 (Cameron et al. 1973; Ghose et al. 1973).
The petrologic heritage of these mineral fragments is
unknown. Reexamination of the NASA allocated
samples and the entire Luna sample collection could be
extremely valuable in identifying materials from the deep
lunar crust and upper mantle.
To close, it is still puzzling that in light of large
impact basins that produce a thin crust (Wieczorek and
Phillips 1998; Wieczorek et al. 2006, 2013) and
presumably excavated mantle in several impact basins
(Wieczorek et al. 2006, 2013; Melosh et al. 2014;
Miljkovic et al. 2015) that deep crustal mineral
assemblages are somewhat rare and mantle assemblages
have not been unambiguously identified in the lunar
sample collection. There are several potential reasons for
this ambiguity. The simplest explanation is that the
sample collection (Apollo and Luna programs, lunar
meteorites) does not adequately represent terrains that
may contain excavated mantle (e.g., Yamamoto et al.
2010; Melosh et al. 2014). Alternatively, the upper lunar
mantle is considerably different than is currently
envisioned and therefore it has not been recognized in the
sample collection. For example, Melosh et al. (2014)
suggested that the upper mantle is dominated by
orthopyroxene rather than olivine. There are interpretive
issues tied to the remote sensing data on which many
of these conclusions are based. Both olivine and
orthopyroxene identified on the lunar surface by orbital
missions could be derived from crustal rather than mantle
sources. Finally, one must consider the possibility that
large impacts that formed basins on the Moon do not
necessarily penetrate the crust and excavate the mantle.
In an analysis of ejecta deposits associated with the
Orientale Basin (approximately 1000 km in diameter),
Spudis and Martin (2014) concluded that only the upper
crust was excavated. However, other basins such as South
Pole–Aitken and Imbrium basins clearly excavated more
mafic, varied, and deeper crustal–mantle regions (Melosh
et al. 2014; Spudis and Martin 2014) that may have
transported mantle material to the lunar surface. Further
exploration of these basins with a continued reassessment
of samples in hand and future targeted sample return
may help resolve this dilemma.
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